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The supply and bioavailability of dissolved iron sets the magnitude
of surface productivity for ∼40% of the global ocean. The redox
state, organic complexation, and phase (dissolved versus particu-
late) of iron are key determinants of iron bioavailability in the
marine realm, although the mechanisms facilitating exchange be-
tween iron species (inorganic and organic) and phases are poorly
constrained. Here we use the isotope fingerprint of dissolved and
particulate iron to reveal distinct isotopic signatures for biological
uptake of iron during a GEOTRACES process study focused on
a temperate spring phytoplankton bloom in subtropical waters.
At the onset of the bloom, dissolved iron within the mixed layer
was isotopically light relative to particulate iron. The isotopically
light dissolved iron pool likely results from the reduction of par-
ticulate iron via photochemical and (to a lesser extent) biologically
mediated reduction processes. As the bloom develops, dissolved
iron within the surface mixed layer becomes isotopically heavy,
reflecting the dominance of biological processing of iron as it is
removed from solution, while scavenging appears to play a minor
role. As stable isotopes have shown for major elements like nitro-
gen, iron isotopes offer a new window into our understanding of
the biogeochemical cycling of iron, thereby allowing us to disen-
tangle a suite of concurrent biotic and abiotic transformations of
this key biolimiting element.
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Springtime phytoplankton blooms are major contributors tothe drawdown of carbon dioxide (CO2) from the atmosphere
and its sequestration into the ocean’s interior (1, 2). In the
context of the ocean’s iron (Fe) biogeochemical cycle, spring
blooms represent a transition from early season production,
fueled largely by new Fe from underlying waters or lateral supply
(3), to postbloom conditions where primary production is mainly
(i.e., ∼90%) supported by an efficient Fe recycling loop between
biogenic particulates and the dissolved Fe pool (3). Photochemical
reduction and biological processing of inorganic, complexed, and
particulate Fe significantly enhances Fe bioavailability (4–7);
however, our understanding of the mechanisms, timing, and rates
of Fe exchange between pools (dissolved, lithogenic, and bio-
genic) and redox species (FeII and FeIII) during the onset and
development of a phytoplankton bloom is limited. Indeed, the
transient nature of many of these processes makes it difficult to
quantify their influence on the biogeochemical cycling of Fe.
Iron isotope ratios (56Fe/54Fe) are a promising tool because
isotope fractionation can occur upon transformation of Fe
redox species (8), particulate dissolution (9), scavenging (10),
precipitation (11), and biological uptake by phytoplankton (12).
To date, a limited number of open ocean Fe isotope studies have
been published (10, 12–14), with few combining both dissolved
and particulate data to trace exchanges between various Fe
pools. Here, we present Fe isotope data from two GEOTRACES
(www.geotraces.org) process voyages (2008 and 2012) designed
to study temporal changes in the biogeochemical cycling of Fe at
the same locality in subtropical waters (38°S−39°S, 178°W
−180°W) within the mesoscale eddy field east of New Zealand
(3). We first present in situ results for dissolved and particulate
Fe (DFe and PFe) cycling during the annual spring bloom, fol-
lowed by the findings from a shipboard 700-L mesocosm in-
cubation experiment, and then a conceptual model outlining the
key chemical and biological processes involved in Fe isotope
fractionation.
Results and Discussion
Across the two voyages, we identified three distinct stages as-
sociated with the progression of the annual spring bloom. Stage I
is characterized by low Net Primary Productivity (NPP) (1.54
μmol C·L−1·d−1), low chlorophyll a (Chl) concentrations, low
biomass (Fig. 1 and Fig. S1), and relatively homogenous ni-
trate and DFe profiles between 0 m and 250 m (Fig. 2A). This is
indicative of a system that has been reset by turbulent mixing and
convective overturning during winter (15) and primed, environ-
mentally, for phytoplankton to bloom. Stage II is characterized
by the initial development of a diatom-dominated bloom, in-
creasing rates of NPP (6.15 μmol C·L−1·d−1) and phytoplankton
and grazer biomass (Fig. 1 and Fig. S1), resulting in partial
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drawdown of nitrate and DFe within the mixed layer (Figs. 1
and 2B). Stage III is characterized by elevated NPP (10.7 μmol
C·L−1·d−1), higher Chl concentrations/biomass (Fig. S1) and a
corresponding biological depletion of nitrate and DFe within
and immediately below the mixed layer (Figs. 1 and 2C and
Fig. S1) (3, 16).
A time-dependent change in the δ56Fe composition of DFe
and PFe is observed across stages I to III (Fig. 2 and Fig. S2).
During stage I, the δ56Fe composition of DFe and PFe within the
euphotic zone was different, with lighter δ56Fe values for DFe
(Δ56FePFe-DFe = 0.28‰) relative to PFe (Fig. 2D). The dissolved
δ56Fe composition varied vertically whereby δ56Fe values in-
creased with depth (100–300 m), even though nitrate and the
DFe profiles were homogenous (5.10 ± 0.19 μmol·L−1 and 0.38 ±
0.02 nmol·kg−1, respectively). At 300 m, the δ56Fe composition
of DFe and PFe was isotopically the same (0.04 ± 0.09‰ and
0.08 ± 0.01‰, respectively) and consistent with an inferred
lithogenic provenance of coastally derived particulates (Fig. 2D
and Fig. S2) (3, 12, 16, 17).
During stage I, there are two candidate processes that could
lead to an isotopically light DFe pool within the euphotic zone:
photochemical and biological reduction of PFe, the latter via
acidic phagocytosis upon ingestion by protozoan grazers (18–20).
The key process required for δ56Fe fractionation is the reduction
of FeIII to FeII and its subsequent release into solution; δ56Fe
fractionation associated with proton-promoted dissolution of
lithogenic Fe (e.g., goethite and hematite), as might occur in the
digestive gut of grazers, is likely to be less (9, 21) compared with
δ56Fe fractionation associated with photochemical reduction of
lithogenic Fe. It should also be noted that acidic and enzymatic
digestion of PFe by grazers may also promote Fe reduction and
solubilization (20), but it is usually followed by exposure to al-
kaline conditions, which leads to reoxidization before egestion
(20). If a portion of this reduced, isotopically light Fe is taken up
by the grazer, then this would lead to an isotopically heavier Fe
Fig. 1. Satellite-derived chlorophyll concentrations
for stages I, II, and III of the subtropical spring
phytoplankton bloom. Diamond represents the
sampling site. Gray areas represent cloud cover
during the satellite pass-over. MODIS Aqua satellite
data obtained from ERDDAP and plotted using
Generic Mapping Tools (46).
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Fig. 2. DFe and δ56Fe depth profiles. (A−C) Depth profiles of DFe and dissolved nitrate concentration across the three stages of the annual spring phyto-
plankton bloom. (D−F) The δ56Fe results for dissolved, suspended (diamonds), and sinking particulates (upside-down triangles) across the three stages of the
phytoplankton bloom. Error bars represent either 2 SDs for multiple sample extraction and isotope separations or 2 SEs of instrument precision for a single
sample extraction and isotope separation.
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composition of the remaining Fe pool upon reoxidation and loss
via egestion. At this stage, we cannot fully disentangle the
contributions of these two processes (photochemical versus
grazer-mediated biological processing of lithogenic Fe) to the
isotopically light dissolved Fe pool, but note from the in-
formation available that the photochemical reduction rate is
likely to be two to three times higher than that of grazer-medi-
ated Fe processing during stage I when grazer biomass and
bacterial abundance were low (Table S1 and Fig. S1). Clearly,
though, more work will be needed to distinguish between pho-
tochemical and biological effects on particulate iron dissolution
and isotopic fractionation. These multiple lines of evidence
(relationship between DFe and PFe, and isotopic signatures
with depth) and, in particular, the low dissolved δ56Fe values
within the euphotic zone are consistent with the release of iso-
topically light Fe from lithogenic particulate material (22–25).
During the bloom onset (stage II), the δ56Fe compositions of
DFe and PFe within the mixed layer are the same within error
(Δδ56FePFe-DFe = 0.05‰), indicating a biological influence on
δ56Fe fractionation (Fig. 2E). This is evident in size-fractionated
plankton samples (0.2–20 μm and >20 μm) within the mixed
layer, with the 0.2- to 20-μm size fraction being 0.15‰ lighter
than the >20-μm size fraction (Fig. 3A). Pools of Fe associated
with small phytoplankton are known to turn over on a timescale
of hours (26); thus δ56Fe fractionation in the 0.2- to 20-μm size
fraction likely reflects fractionation associated with the rapid
recycling of Fe between the DFe pool and biogenic components
within the PFe pool. In addition, small (e.g., Synechococcus) and
large phytoplankton (e.g., the diatom Asterionellopsis glacialis)
may also fractionate δ56Fe to differing degrees, although we did
not see δ56Fe fractionation between differing size classes in our
mesocosm experiment (see below). Below the mixed layer, the
δ56Fe composition of DFe is lighter than PFe (Δ56FePFe-DFe =
∼0.2‰ at 100 m) (Fig. 2E), which is still characteristic of a sys-
tem reset by winter mixing (15), even though DFe levels are
∼0.1 nmol·kg−1 lower than during stage I.
At the peak of the bloom (stage III), the δ56Fe composition of
DFe within the mixed layer is heavier than the δ56Fe composi-
tion of particulate material (Δ56FePFe-DFe = −0.26‰), consis-
tent with isotope fractionation during biological uptake (Fig. 2F).
Below the mixed layer, the δ56Fe composition of DFe is also
heavier than PFe and is linked to the depletion of DFe (Fig. 2C);
the concentration of DFe at 100 m is ∼0.22 nmol·kg−1 lower than
during bloom stage I.
The overall change in Δ56FePFe-DFe across bloom stages I to
III is −0.54‰ and is indicative of δ56Fe fractionation mainly
associated with DFe uptake by small phytoplankton (12). The
changes observed in the δ56Fe composition of DFe and PFe
during the evolution of the bloom are supported by changes in
the particulate Fe to aluminum (Fe:Al) ratio of particulate
matter and the percentage of biogenic Fe to the total PFe pool;
both parameters increase across stages I to III (Fig. 3B).
To further interpret our field results, we conducted a 700-L
phytoplankton mesocosm experiment, using water collected
during bloom stage I (Fig. 4). During this time-course incubation
study, fluorescence (F0), as an indicator of Chl biomass, in-
creased while nutrients (NO3 and Si) and DFe were drawn down
as a phytoplankton bloom developed over an 8-d period (Fig. 4).
The bloom-forming diatom Asterionellopsis glacialis dominated
biomass after day 3, which is consistent with our field results
where this diatom species was also dominant (3, 16). In contrast
to our field results, in the mesocosm experiment, no significant
variations in the δ56Fe composition of DFe or size-fractionated
(0.2 μm to 2 μm, 2 μm to 20 μm, and >20 μm) PFe were observed
(Fig. 4F). The differences between our field and mesocosm δ56Fe
results can be reconciled in the following ways: First, during the
in situ field experiment, the Fe uptake was dominated by the 0.2-
to 2-μm and 2- to 20-μm size classes (3), whereas DFe uptake in
the mesocosm experiment was dominated by the >20-μm size
class (Fig. 4D); Second, we note that the fe ratio (the ratio of new
Fe uptake versus total uptake of new and recycled iron) declined
from ∼0.6 during stage II to ∼0.1 during stage III of the in situ
phytoplankton bloom. Because small phytoplankton dominate
DFe drawdown and recycling in the in situ bloom (3) and large
diatoms dominate DFe and nutrient drawdown in the mesocosm
experiment (Fig. 4), the likely driver of the observed changes
in δ56Fe composition of DFe and PFe for the in situ phyto-
plankton is the uptake and regeneration of Fe by small phyto-
plankton (e.g., cyanobacteria) along with the export of biogenic
iron to depth (16). Of course, export does not occur in the
mesocosm experiment as it is a closed system. In other words,
biological δ56Fe fractionation associated with the in situ field
experiment is likely to be coupled to the frequency with which
Fe has cycled through the “ferrous wheel” by the microbial
community and the amount of biogenic iron that is exported
from the mixed layer (27, 28).
Scavenging and the precipitation of DFe also result in δ56Fe
fractionation (9, 11, 29). The contribution of this particle-
mediated δ56Fe fractionation was explored on a third voyage in
2011 by following changes in δ56Fe for DFe as it is lost from so-
lution from a constant hydrothermal supply source of DFe and
PFe into subtropical waters (Fig. 5A). We note that there are
caveats associated with this approach, such as the potential for the
formation of multiple particulate Fe phases with differing isotope
fractionation factors (11); in particular, phases formed under ki-
netic control have a different δ56Fe composition compared
with phases formed under equilibrium control (30). However,
Fig. 3. Size-fractionated PFe and δ56Fe depth profiles. (A) Depth profiles of
size-fractionated (0.2–20 μm and >20 μm) PFe concentration and δ56Fe. (B)
PFe isotope versus Fe:Al ratio for suspended particulate matter across stages
I to III along with the percentage of biogenic Fe for PFe. The percentage of
biogenic Fe is iron is based on excess PFe relative to the lithogenic Fe:Al ratio
of 0.18 (16). Error bars are the same as in Fig. 2.
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our approach is justified as it represents Fe isotopic fractionation
under the relevant marine conditions (i.e., well-oxygenated
waters at seawater pH) for DFe loss from solution by scavenging
and/or mineral precipitation under abiotic conditions within
the deeper water column (9). As DFe was lost from solution, its
δ56Fe composition increased from ∼0.07‰ to 1.73‰. Using
these data we obtained a fractionation factor of −0.67‰ (Fig. 5B),
which is similar to the change in Δ56FePFe-DFe (−0.54‰) across
bloom stages I to III for our field study and within the range for
FeIII loss from solution (Table S1). However, in our mesocosm
experiment, the percentage of Fe bound to the surface of the
particulate material decreased from 60−80% at the start of the
experiment to 20–40% as the mesocosm phytoplankton bloom
peaked (Fig. 4). Thus, phytoplankton were actively taking up and
retaining Fe. Likewise, the biological uptake of DFe during
stages II and III matches that of the observed water column
decrease in the mixed layer DFe inventory (3); thus the overall
change in Δδ56FePFe-DFe across stages I to III appears to be as-
sociated with biological-induced isotope fractionation and not
DFe scavenging. Below the euphotic zone, Fe release and scav-
enging associated with the remineralization of sinking organic
matter (31) will influence the δ56Fe composition of DFe and PFe.
The candidate process(s) put forward to explain the spatial
and temporal trends in our δ56Fe results are highlighted in
a conceptual diagram (Fig. 6). At a depth of 300 m, during stage
I, the two processes leading to δ56Fe fractionation are de-
sorption/dissolution and sorption/scavenging of PFe and DFe,
respectively (Fig. 6B and Table S2). In the euphotic zone, the
dominant processes leading to δ56Fe fractionation are likely to
be reductive dissolution of detrital/lithogenic Fe (photochemi-
cally or biologically induced) along with desorption/dissolution
and sorption/scavenging processes for PFe and DFe, re-
spectively. During stages II and III, biological uptake of DFe is
likely to dominate δ56Fe fractionation within the euphotic zone
as DFe is taken up by phytoplankton.
Our results show that Fe cycling during the annual spring
phytoplankton bloom in subtropical waters, east of New Zea-
land, is dynamic with photochemical reduction and biological
processing of PFe appearing to play important roles in cycling Fe
between the particulate and dissolved pools before bloom onset,
after which the biological processing of DFe dominates (32–34).
In low-Fe environments (e.g., the Southern Ocean, the southwest
Pacific, and Equatorial Pacific), diel variations in the δ56Fe
composition of the DFe pool might be expected as a result of
Fig. 4. DFe and PFe results for the large incubation bag mesocosm experiment. (A) Fluorescence (F0) versus time for the stable and radioactive Fe bags. The
increase in F0 is consistent with an increase in plankton biomass as time progresses. (B) Drawdown of silicate and nitrate versus time for the stable Fe bag. (C)
Drawdown of DFe concentration versus time for the stable and radioactive Fe bags determined by flow injection analysis and solvent extraction (see SI
Methods). (D) Size-fractionated PFe concentrations for the stable bag. (E) Ratio of surface-absorbed Fe versus total PFe for size-fractionated particulate
samples labeled with radioactive 55Fe. The symbols are the same as in D. (F) Size-fractionated δ56Fe data for PFe and δ57/56Fe for DFe (purple triangles) for the
stable Fe bag. The symbols are the same as in D. Error bars are the same as in Fig. 2.
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both photochemical interactions with particulate material and
during biological processing (i.e., Fe recycling by grazers, viruses,
and heterotrophic bacteria); however, the challenge is to extract
this information, because determining the δ56Fe composition
DFe species at low concentrations (<0.1 nmol·L−1) is nontrivial.
The present study shows that iron isotopes are a valuable di-
agnostic tool to trace the photochemical, abiotic, and biological
transformation of DFe and PFe and will form an important new
component of future studies of the biogeochemical cycling of this
key limiting nutrient in the ocean.
Methods
Sample Collection. Surface seawater was either collected from a depth of
∼5 m using a trace-metal-free pump system (Almatec SL20) (35) or using
acid-cleaned, 5-L Teflon-coated externally sprung Niskin bottles, attached to
an autonomous rosette (Model 1018; General Oceanics). Seawater samples
for DFe concentration and isotope measurements were filtered through
acid-cleaned 0.2-μm capsule filters (Supor AcroPak 200; Pall) and acidified
to pH 1.8 with Teflon-distilled nitric acid.
Particulate trace metal samples were collected in situ onto acid-leached
0.2-μm polycarbonate (142-mm diameter) filters (Nucleopore Whatman)
using two large volume pumps (McLane Research Laboratories), deployed at
various water depths. At a few stations, acid-leached 20-μm polycarbonate
filters (Sterlitech) were also fitted to the filter stack so that two size classes
were obtained: 0.2–20 μm and >20 μm. Sinking cells and particles were
intercepted using surface-tethered, free-drifting MULTI-trap sediment traps
deployed at 100-, 150-, and 200-m depths, which were trace metal-cleaned
and preserved using a chloroform salt brine (35–38).
Hydrothermally influenced seawater samples were collected in 2011 ad-
jacent to the Brothers underwater volcano (34°52′18.6 S, 179°03′19.8 E;
northwest vent depth ∼1,455 m) located along the Tonga−Kermadec arc
system (39, 40) (SI Text and Fig. S3).
The large mesocosm experiment involved filling two acid-cleaned, 1,000-L
nylon reinforced polyethylene bags (Scholle) with filtered and unfiltered
surface seawater. Initially, the bags were filled with ∼350 L of 0.2-μm
(Acropak; Pall) filtered seawater. The bags were then spiked with either
radioactive 55Fe or stable Fe such that the final dissolved Fe concentration
was raised by 0.2 nmol·L−1 to 0.45–0.5 nmol·L−1. The added Fe was then
allowed to equilibrate with the natural organic ligands for an 8-h period.
Before dawn, each bag was then filled with unfiltered seawater containing
the natural phytoplankton community to a volume of ∼700 L. Bag tem-
peratures were maintained at in situ temperature by flowing surface sea-
water around each incubation bag. Each bag was shaded to 50% of incident
radiation. Time-course samples for each bag were collected periodically (6-
to 24-h periods) for DFe, size-fractionated (0.2–2 μm, 2–20 μm, and >20 μm)
particulate trace metals, DFe and PFe isotopes, and nutrients. Dissolved Fe
for the radioactive 55Fe or stable Fe bags were determined by flow injection
analysis with chemiluminescence detection of Fe using luminol following
trace element preconcentration on to the Toyopearl AF-Chelate-650 M resin
(Tosoh Bioscience) (41, 42).
Fig. 5. Influence of particulate scavenging and mineral precipitation on DFe
and δ56Fe fractionation. (A) Depth profiles of DFe concentration and δ56Fe for
samples collected adjacent to the Brothers underwater volcano. Error bars are
the same as in Fig. 2. (B) Open and closed system Rayleigh fractionation mod-
eling (47) of δ56Fe values using A for samples collected adjacent to the Brothers
underwater volcano, where F is the fraction of DFe remaining relative to a DFe
concentration of 8.31 nmol·kg−1. The closed system model produces an αscav =
−0.67‰ while the open system model produces an αscav = −1.62.
Fig. 6. Cartoon highlighting the various pathways that can lead to δ56Fe
fractionation. (A) Stage I, depth of 300 m. (B) Stage I, euphotic zone. (C) Stages II
and III, euphotic zone. For simplicity, no differentiation between inorganic Fe
and Fe complexation to natural organic ligands was made; rather, we treated
inorganic Fe and organically complexed Fe as one group. Water column mea-
surements from both the 2008 and the 2012 voyages indicate that the majority
(>90%) of DFe was complexed to high-affinity Fe-binding ligands (FeL) (3).
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The background PFe concentration at the start of the mesocosm experi-
ment was estimated to be between 0.6 nmol·L−1 and 0.8 nmol·L−1, which is
consistent with the measured concentration range PFe within the mixed
layer (0.77 nmol·L−1 to 1.87 nmol·L−1).
Sample Analysis. Sediment trap and particulate samples for trace element
and δ56Fe determination were thawed and processed using the acid digestion
protocol of Eggimann and Betzer (43) as described by Ellwood et al. (16).
The δ56Fe composition of Fe was made on samples purified using the
anion exchange procedure described by Poitrasson and Freydier (44). Before
purification, DFe samples were preconcentrated by dithocarbamate extrac-
tion (16). Iron isotopes were determined using a Neptune Plus multicollector
Inductively Coupled Plasma Mass Spectrometer (ICPMS) (Thermo Scientific)
with an APEX-IR introduction system (Elemental Scientific) and with X-type
skimmer cones. Samples were measured in high-resolution mode with 54Cr
interference correction on 54Fe and with instrumental mass bias correction
using nickel (44). Sample 56Fe/54Fe ratios are reported in delta notation (‰)
relative to the IRMM-014 Fe isotope reference material [Institute for Reference
Materials and Measurements (IRMM)] using the standard-sample-standard
bracketing technique where δ56Fe = [(56Fe/54Fe)sample/(56Fe/54Fe)IRMM-014 – 1]·1,000.
The overall sample processing and instrumental error for dissolved and
particulate Fe samples ranged between ±0.05‰ and ±0.22‰ (2σ). The δ56Fe
values obtained for the GEOTRACES standards GSI and GDI and standard
reference materials, BCR-2 and NOD-A-1, were within the range of published
values (Table S3) for the GEOTRACES intercalibration study (45). Our particu-
late and dissolved δ56Fe measurements were correlated to δ57Fe with a δ57Fe/
δ56Fe slope of 1.50 ± 0.03 (± std. error, n = 147, P < 0.001), which is within error
of the theoretical mass-dependent fractionation slope of 1.47, except for the
DFe samples for the large mesocosm experiment; hence we express these
values as δ56/57Fe because of an interference on mass 54Fe. Unfortunately, the
remaining sample volume was not enough to repeat the extraction process.
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